Abstract Magnetic and geologic data indicate that the ratio of intrusive to extrusive magmatism (the I/E ratio) is higher in the Tharsis and Syrtis Major volcanic provinces on Mars relative to most volcanic centers on Earth. The fraction of magmas that erupt helps to determine the effects of magmatism on crustal structure and the flux of magmatic gases to the atmosphere and also influences estimates of melt production inferred from the history of surface volcanism. We consider several possible controls on the prevalence of intrusive magmatism at Tharsis and Syrtis Major, including melt production rates, lithospheric properties, regional stresses and strain rates, and magmatic volatile budgets. The Curie temperature is the minimum crustal temperature required for thermal demagnetization, implying that if the primary magnetic mineral is magnetite or hematite, the crust was warm during the intrusive magmatism reflected in Tharsis and Syrtis Major I/E ratios. When wall rocks are warm, thermally activated creep relaxes stresses from magma replenishment and regional tectonics, and eruptibility depends on buoyancy overpressure. We develop a new one-dimensional model for the development of buoyancy in a viscous regime that accounts for cooling, crystallization, volatile exsolution, bubble coalescence and rise, fluid egress, and compaction of country rock. Under these conditions, we find that initial water and CO 2 contents typically <1.5 wt % can explain the observed range of intrusive/extrusive ratios. Our results support the hypothesis that warm crust and a relatively sparse volatile budget encouraged the development of large intrusive complexes beneath Tharsis and Syrtis Major.
Introduction
On Mars, as on Earth, some magmas freeze in the crust and some magmas erupt. The relative proportion of intrusive versus extrusive magma volumes (the I/E ratio) determines the structure and flexural state of the crust and the efficiency and speciation of degassing [e.g., Greeley and Schneid, 1991; Phillips et al., 2001; O'Neill et al., 2007; Hirschmann and Withers, 2008; Jellinek et al., 2008; Grott et al., 2011] . Gas release during magmatism (both intrusive and extrusive) exerts an important control on atmospheric composition and may have contributed to more clement conditions on early Mars [e.g., O'Neill et al., 2007; Halevy and Head, 2014] . However, both the relative magnitude of intrusive and extrusive magmatism at different locations on Mars and the processes that control the intrusive/extrusive ratio are poorly understood [Mitchell et al., 2007; Lillis et al., 2008b] .
On Earth, volume estimates for intrusive magmatism derive from seismic and gravity data and from mapping of geologic exposures of volcanic-plutonic systems [White et al., 2006] . Mapping similarly delimits the volume of volcanic rocks. While the available data do suggest that intrusive/extrusive ratios may tend toward higher values in settings with thickened crust [e.g., Ward et al., 2014] , in general, intrusive/extrusive ratios on Earth predominantly range in value from 1 to 10, with significant regional dispersal and little systematic correlation with composition or total volume [Crisp, 1984; White et al., 2006] .
On Mars, gravity and magnetic data provide the best constraints on the I/E ratio. Orbital magnetic mapping has revealed that large swaths of Mars, in particular in the vicinity of impact basins and magmatic centers, have relatively weak remanent magnetizations [Acuna et al., 1999; Johnson and Phillips, 2005; Lillis et al., 2008b] . This observation is consistent with the existence of an ancient, now-extinct Martian dynamo that generated crustal magnetic remanence, which has subsequently undergone local impact or thermal demagnetization [Lillis et al., 2008a; Roberts et al., 2009] . In the Tharsis and Syrtis Major volcanic centers, where heating during magmatism is the most likely cause of crustal demagnetization, stochastic models that combine sill and dike emplacement and heat transfer have placed constraints on the volume of intruded magma [Lillis et al., , 2015 . Comparison with volume estimates for nearby extrusive rocks indicates that the BLACK AND MANGA ERUPTIBILITY AT THARSIS AND SYRTIS MAJOR 1 intrusive/extrusive ratio at Tharsis and Syrtis Major appears to be higher than at most localities on Earth (see Table 1 ), implying that Tharsis and Syrtis Major magmas are less likely to erupt [Lillis et al., , 2015 .
To erupt, magmas must be buoyant and overpressures (and the accompanying stresses around the magma chamber) must be sufficient to promote failure of the surrounding rocks and dike propagation toward the surface ( Figure 1 ). The wall rocks are expected to have a Maxwellian viscoelastic rheology, and consequently, the maximum overpressure in the chamber will depend on buoyancy, recharge rates, chamber volume, and the temperature-dependent wall rock viscosity [Dragoni and Magnanensi, 1989; Jellinek and DePaolo, 2003; Karlstrom et al., 2010; Karlstrom and Richards, 2011; Degruyter and Huber, 2014; Caricchi et al., 2014] . Surface loading also modulates overpressure [Pinel and Jaupart, 2004; Grosfils, 2007; McGovern et al., 2013; de Silva and Gregg, 2014] , and regional stresses and strain rates can influence magma ascent [e.g., Delaney et al., 1986; Rubin, 1995; Buck et al., 2006; Menand et al., 2010; Daniels and Menand, 2015] . In the limit where viscous relaxation quickly alleviates lithospheric stresses from changes in magma volume or from loading and regional tectonics, buoyancy from volatile exsolution during decompression or second boiling controls eruptibility [Tait et al., 1989; Caricchi et al., 2014; Malfait et al., 2014; Degruyter and Huber, 2014] .
In this work, we first review the constraints on the I/E ratio on Earth and Mars. We then consider several factors that can influence the eruptibility of magmas: rates of melt production, magmatic volatile budgets, lithospheric properties, and regional stresses and strain rates. These factors vary from place to place on Figure 1. (a) Schematic diagram of a crustal magmatic system on Mars. Impact brecciation may have increased void space in the uppermost several kilometers of the crust [Clifford, 1993; Wilson and Head, 1994] . Orbital and rover-based spectroscopy provide evidence for some primitive melts (green) that have ascended from the mantle with little crustal interaction [McSween et al., 2006; Baratoux et al., 2011] . (b) Our one-dimensional model focuses on volatile exsolution, bubble coalescence and rise, and the development of buoyancy overpressure in order to determine the conditions under which Martian magmas erupt.
Earth [Crisp, 1984] and may also differ considerably between Earth and Mars. These differences arise in large part from contrasting thermal evolution, tectonic regime, and mantle composition on Earth and Mars. In this work, we focus on the implications for conditions in and around magma bodies. We develop a new one-dimensional model for magmatic systems in the viscous regime that tracks the thermochemical evolution of a magma body and the fate of magmatic volatiles. We apply this model in conjunction with published scaling relationships to investigate the causes of elevated I/E ratios at Tharsis and Syrtis Major.
Intrusive/Extrusive Ratios on Earth
Even on Earth, calculation of I/E ratios carries substantial uncertainties [Crisp, 1984; White et al., 2006] . The major uncertainties in extrusive volumes derive from uncertainties in erosion and present-day thickness [White et al., 2006] . Volume snapshots for active magmatic systems can be determined from sulfur degassing [Allard, 1997] or seismic, geodetic, or electromagnetic surveys [White et al., 2006] . The volumes of exhumed intrusive bodies can be mapped and perhaps correlated with related volcanic rocks [White et al., 2006; Bachmann et al., 2007] . The volumes of frozen intrusive bodies can be inferred from some combination of seismic, petrologic, and gravity data [e.g., Farnetani et al., 1996; Korenaga et al., 2002; White et al., 2006; Leeman et al., 2008; Ridley and Richards, 2010; Richards et al., 2013] .
In spite of the uncertainties, some generalizations regarding Earth's I/E ratios seem robust. White et al. [2006] have compiled best estimates for the I/E ratios for 23 localities on Earth. Of these 23 localities, 20 have estimated I/E ratios of 10 or less. While I/E ratios can vary significantly, White et al. [2006] conclude that an I/E ratio of~5 is a fair approximation for most magmatic systems. Although White et al. [2006] do not identify a clear relationship between tectonic setting and I/E ratio, detailed studies of arc and mid-ocean ridge magmatic systems underscore the importance of fractionation in arc systems [e.g., Jagoutz and Schmidt, 2012] and hint that compressional settings with thickened crust may favor larger I/E ratios. For example, large magma bodies have been inferred at depth beneath the Tibetan Plateau [Brown et al., 1996] and the Altiplano-Puna region of the central Andes [Ward et al., 2014] . The I/E ratio for the massive Altiplano-Puna magmatic system is approximately 20-35 over its 10 Myr history [Ward et al., 2014] .
Intrusive/Extrusive Ratios on Mars

Sources of Uncertainty
On Mars, limited tools are available to estimate intrusive and extrusive volumes. Extrusive volumes must be estimated primarily from orbital mapping [e.g., McEwen et al., 1999; Hiesinger and Head, 2004; Tanaka et al., 2005] . In the absence of seismic data, remanent crustal magnetism provides one of the best records of intrusive activity [Lillis et al., , 2015 . This approach considers the scale of intrusive magmatism required to heat the crust above the Curie temperature of magnetic minerals, thus removing remanent magnetization acquired when crustal rocks cooled through their Curie temperature in the presence of an ancient field. The major sources of uncertainty for this method are summarized in Lillis et al. [2015] and include the unknown thickness of the magnetized crustal rocks, the unknown magnetic mineralogy (the Curie temperature is~670°C for hematite, 580°C for magnetite, and 330°C for pyrrhotite [Dunlop and Özdemir, 2001] ), and the effects of saturation (a given rock can only be demagnetized once but may experience multiple episodes of intrusion and heating). Hydrothermal circulation around cooling intrusions has a small effect on thermal demagnetization [Ogawa and Manga, 2007] .
Detailed studies of the crustal demagnetization in the Tharsis and Syrtis Major regions place constraints on the extent of intrusive magmatism at those locations [Lillis et al., , 2015 . Temporally, the intrusions that caused thermal demagnetization must postdate the era of a dynamo-generated magnetic field, but the timing of intrusion since the cessation of the dynamo cannot be further resolved. The Argyre and Hellas impact basins lack crustal magnetic signatures, implying that the Martian dynamo had expired by the time these basins formed~4.1 Ga [Acuna et al., 1999] . The intrusive volume estimates incorporated into the Tharsis and Syrtis Major I/E ratios discussed in the following sections may thus reflect cumulative magmatism that occurred at any time between~4.1 Ga and the present. In addition, these estimates only reflect the volume of material intruded at depths less than that of the crustal Curie isotherm.
The Intrusive/Extrusive Ratio in the Tharsis Region
Tharsis is a vast volcanic province that encompasses~20% of the surface area of Mars [e.g., Solomon and Head, 1982; Lillis et al., 2009] . The Mars Global Surveyor spacecraft carried an electron reflectometer instrument [Acuna et al., 1999] capable of measuring crustal magnetic fields exceeding a global detection limit of~3 nT [Lillis et al., 2008b] . Crustal fields in a large region centered over Tharsis do not exceed this threshold, whereas nearby crustal fields can reach~200 nT . Surface lava flows cannot plausibly explain the crustal heating required for thermal demagnetization . Modeling of stochastic sill and dike intrusion and crustal thermal evolution indicates that after the cessation of a Martian dynamo, 25-30 km of igneous intrusions would be sufficient to completely demagnetize the uppermost 30 km of the crust . In other words, the majority of the early, magnetized crust must be displaced and heated to remove the crustal field in the Tharsis region. Lillis et al. [2009] note that substantial thickening of the crust beneath Tharsis due to emplacement of intrusive material is consistent with inversions of gravity and topography, which show that crustal thickness may approach 100 km under Arsia Mons in the Tharsis province [Neumann et al., 2004] . The observed topography at Tharsis may also have implications for the I/E ratio. Phillips et al. [1990] developed an isostatic model for the support of Tharsis topography that indicates that I/E ratios may be 10-20, although a range of other models have been proposed to explain the topographic history of Tharsis [e.g., Solomon and Head, 1982; Mège and Masson, 1996a; Phillips et al., 2001; Lowry and Zhong, 2003 ].
The thermal demagnetization approach assumes that prior to magmatism the crust was magnetized to the depth of the Curie isotherm [Lillis et al., 2015] . Consequently, the thickness of the initial magnetized crust and the thickness of intruded rocks required to thermally demagnetize that crust both depend on the magnetic mineralogy. Lillis et al. [2009] find that if pyrrhotite is the magnetic carrier,~10 km of intrusions were necessary, whereas if hematite is the magnetic carrier,~35 km of intrusions were necessary. These thicknesses translate to intrusive volumes of 0.6-1.8 × 10 6 km 3 beneath the Arsia Mons volcano alone.
Extrapolation of the mean thickness of the Arsia Mons rift apron to the entire area yields an upper bound on the extrusive volume in the Arsia Mons region of~2 × 10 5 km 3 . The 2500 km 3 volume of a field of small vents and flows east of Arsia Mons ] constitutes a lower bound on the extrusive volume in the demagnetized region east of Arsia Mons . Accordingly, the lower bound on the I/E ratio in the vicinity of Arsia Mons is 3-10 and the upper bound is 250-750 . Even the lower bounds on the I/E ratio near Arsia Mons exceed estimated I/E ratios of 1-3 at the Hawaiian hot spot, although they fall within the overall range of I/E ratios on Earth [White et al., 2006; Lillis et al., 2009] . If no intrusive material has been recycled into the mantle, the ratio of crustal volume to the volume of Late Noachian-Hesperian lavas represents an extreme upper limit on the I/E ratio at Tharsis of~69.
Based on flood lava sequences up to 8 km thick exposed in the walls of the Valles Marineris canyon system, McEwen et al. [1999] The Syrtis Major volcanic province is located just north of the Martian equator and just west of Isidis Basin, on the opposite side of the planet from Tharsis. The oldest volcanic activity at Syrtis Major occurred~3.8-3.6 Ga, whereas the youngest volcanic activity occurred at 1.4-0.2 Ga [Robbins et al., 2011; Lillis et al., 2015] . Lillis et al. [2015] completed 4,725,000 stochastic intrusion simulations and found that intrusive replacement of ≥50% of the initially magnetized crust throughout the hourglass-shaped region of demagnetization yielded the best match with the observed crustal field at Syrtis Major. Depending on the magnetic mineralogy, implied estimates for intrusive volume at Syrtis Major are 4-19 × 10 6 km 3 [Lillis et al., 2015] . These volume estimates correspond to replacement of~10-20 km of the preexisting magnetized crust. Geologic mapping of the Syrtis Major region found a total extrusive volume of 1.6-3.2 × 10 5 km 3 [Hiesinger and Head, 2004] . The I/E ratio at Syrtis Major is thus 12.5-120 (Table 1 ). This range of I/E values is higher than estimates for almost 90% of the localities surveyed by White et al. [2006] on Earth. A large positive gravity anomaly at Syrtis Major has been interpreted as evidence for solidified mafic cumulates [Kiefer, 2004; Lillis et al., 2015] , consistent with the presence of a substantial volume of intrusive rocks.
Intrusive/Extrusive Ratios Elsewhere on Mars
In the absence of detailed magnetic or gravity studies as at Tharsis and Syrtis Major, the I/E ratio elsewhere on Mars remains poorly constrained. Tyrrhena Patera in the Martian highlands (located at~21°S, 107°E) also shows a slightly negative magnetic anomaly. Because the demagnetization at Tyrrhena Patera is less extensive than at Syrtis Major and the volume of volcanic rocks is similar, Lillis et al. [2008b] suggested that the I/E ratio at Tyrrhena Patera might be lower than at Syrtis, but the precise value is uncertain.
By analogy with the Earth, Greeley and Schneid [1991] suggested a global Martian I/E ratio of 5-12. However, in light of the I/E estimates for Tharsis and Syrtis Major, the possibility of globally averaged I/E ratios outside this range should be considered. Comparison of the total volume of the Martian crust of~7200 × 10 6 km 3 [Zuber, 2001] with total estimated volcanic output of 68.8 × 10 6 km 3 [Greeley and Schneid, 1991] yields a crude upper limit on the global I/E ratio of~100. However, much of the crustal volume may be ancient [Elkins-Tanton et al., 2005] , and in many regions the crust retains a strong remanent magnetization [Acuna et al., 1999] , implying that the true I/E ratio since the Noachian is much lower. As on Earth, the I/E ratio on Mars probably varies widely from location to location.
Remote sensing data, rover analyses, and shergottite meteorites constrain the composition of volcanic rocks on Mars. If these volcanic rocks represent the erupted fraction of the same magmas that crystallized to form intrusive rocks [Bachmann et al., 2007] , and if fractionation of crystals from melt occurred prior to or during eruptions, the compositions of volcanic rocks should reveal the extent of this fractionation, thereby hinting at the mass of complementary intrusive material at depth. Fractionation of olivine from melt is expected to produce a gradual decline in the Mg content of the crystallizing olivine [Roeder and Emslie, 1970] . The bulk Mg numbers of basaltic shergottites range from 23 to 52, with MgO contents between 9.3 and 11.4 wt % [Bridges and Warren, 2006] . The bulk Mg numbers of Gusev crater basalts range from 51 to 55 [McSween et al., 2006] . In olivine-phyric shergottites, the composition of olivine ranges from Fo 53 to Fo 85 [Bridges and Warren, 2006; Usui et al., 2008] . For comparison, olivine crystallizing from Martian primary mantle melts is expected to be Fo 74À85 [Collinet et al., 2015] and melt Mg numbers are expected to be 45-53 [Baratoux et al., 2011] , depending on the temperature and therefore the degree of melting. Thus, the most primitive Martian volcanic rocks may represent relatively unmodified mantle melts [McSween et al., 2006; Baratoux et al., 2011; Collinet et al., 2015] . However, the presence of evolved dacitic rocks at Syrtis Major [Christensen et al., 2005; Wray et al., 2013] , meteorite clasts with evolved compositions [Humayun et al., 2013; Filiberto et al., 2014] , and the potassium enrichment in Jake_M [Collinet et al., 2015] provide evidence that other igneous rocks have experienced significant fractionation in the crust. Ar, which is strongly incompatible during melting [Hutchins and Jakosky, 1996; Tajika and Sasaki, 1996] . The accumulated 40 Ar in the present-day Martian atmosphere is thought to reflect the timeintegrated history of mantle degassing from volcanism over the past~4 Gyr [Hutchins and Jakosky, 1996; Tajika and Sasaki, 1996] . By assuming that 100% of magmatic 40 Ar degases, regardless of whether the host [Jakosky and Jones, 1997; Brain and Jakosky, 1998 ]. Because the upper bound is higher than our upper limit on the I/E ratio from the total volume of the Martian crust, it may be an overestimate. Results from the ongoing MAVEN mission may better constrain past atmospheric loss [Jakosky et al., 2015] .
Methods
Several factors might lead to higher I/E ratios at Tharsis and Syrtis Major relative to most volcanic centers on Earth. Global thermal evolution [e.g., Schubert et al., 1993] , mantle composition [e.g., Dreibus and Wanke, 1985] , and tectonic regime [e.g., Nimmo and Stevenson, 2000] differ between Earth and Mars. We expect these global disparities to cause substantial differences in recharge rates, magma composition and volatile contents, lithospheric thickness and density structure, and regional stresses and strain rates at specific volcanic centers on Mars relative to their counterparts on Earth. In this study, we focus on evaluating the consequences of each of these factors for eruptibility at Tharsis, Syrtis Major, and elsewhere on Mars. While we consider each in turn, we note that in reality the controls on the I/E ratio likely reflect some combination of these factors.
To test the significance of recharge, we use scalings developed for magma chambers on Earth [Dragoni and Magnanensi, 1989; Jellinek and DePaolo, 2003; Karlstrom and Richards, 2011; Caricchi et al., 2014] . We combine these scalings with geologic and theoretical estimates of melt production on Mars and with constraints on crustal temperature during magmatism from the Curie temperatures of magnetic minerals to determine whether Tharsis and Syrtis Major magma bodies were in an elastic or viscous regime.
To test the significance of lithospheric properties and regional stresses, we compare stress magnitudes on Earth and Mars [Zoback, 1992; Arkani-Hamed and Riendler, 2002] and consider published constraints on the stress history of Tharsis and Syrtis Major [e.g., Tanaka et al., 1991; Hiesinger and Head, 2004] . We summarize observations and experimental results to gain perspective on the likely implications of strain rates.
Recharge and lithospheric stresses are most important when wall rocks are cold and stiff, preventing viscous relaxation. When the crust is warm, for example around the large magma volumes we expect from gravity [Kiefer, 2004] and demagnetization simulations [Lillis et al., , 2015 , buoyancy will dominate eruptibility [Karlstrom and Richards, 2011; Caricchi et al., 2014; Malfait et al., 2014] . We therefore require a model for buoyancy overpressure.
To test the importance of volatiles in Tharsis and Syrtis Major magmas, we employ a new one-dimensional model as described in Appendix A. One-dimensional models have often been used to study the thermal evolution of intrusions [e.g., Annen and Sparks, 2002; Michaut and Jaupart, 2006] because vertical length scales and gradients are much smaller and larger, respectively, than horizontal ones. In our model, we numerically solve the one-dimensional heat equation including the effects of latent heat. We map changes in temperature to changes in crystallinity and composition using a look-up table generated with MELTS [Ghiorso and Sack, 1995; Gualda et al., 2012] . In our MELTS calculations, we adopt a major element melt composition (Table 2 ) based on the parental melt for the basaltic shergottite meteorite EETA79001 [Longhi and Pan, 1989] . The fluid densities are calculated with a parameterized equation of state [Degruyter and Huber, 2014; Halbach and Chatterjee, 1982] , and we combine the exsolved fluid density with melt and crystal densities from MELTS to obtain an overall magma density and thus the buoyancy overpressure (see equation (A9)). We assume that failure occurs at a critical chamber overpressure of 10 MPa, the approximate tensile strength of rock [Rubin, 1995] .
Although recent work has shown that in reality large magma bodies often develop complex geometries with interconnected melt bodies spanning a range of depths [Cashman and Giordano, 2014; Christopher et al., 2015] , here we consider an idealized geometry in which a single, laterally extensive magma body resides within the crust (Figure 1 ). We expect the thermal and compositional evolution of the magma in this idealized geometry to resemble that of a more complex geometry with multiple sills and dikes. However, because we allow bubbles to rise through the magma body and exit through permeable roof rocks, the fate of volatiles
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Results
Recharge
Magma bodies develop volume change overpressures as shifts in temperature, crystallization, and exsolution reduce magma density [Tait et al., 1989] and as fresh magma replenishes the magmatic system. The stresses surrounding an overpressured chamber will decay according to a Maxwellian viscoelastic relaxation time scale [Dragoni and Magnanensi, 1989; Jellinek and DePaolo, 2003; Karlstrom and Richards, 2011] :
where μ crust is the temperature-dependent wall rock viscosity (see equation (A12)) and E is the Young's modulus. For a spherical chamber the maximum chamber overpressure due to changes in magma volume (ΔP max ) can be formulated as [Jellinek and DePaolo, 2003 ]
where Q is the volumetric recharge and V ch is the chamber volume. Ellipsoidal chambers reduce the overpressure needed for failure [Currenti and Williams, 2014] .
If the maximum chamber overpressure for a given recharge rate, chamber volume, and wall rock viscosity is much larger than the overpressure required to cause failure and dike propagation, the wall rocks behave elastically. Conversely, if the maximum chamber overpressure is much lower than the critical overpressure, the magma chamber will be in a viscous regime where overpressures from volume change are efficiently relieved through viscous deformation (Figure 2 ). Following Jellinek and dePaolo [2003] , we refer to these alternatives as the "elastic" and "viscous" regimes, respectively.
In the elastic regime on Earth, recharge is thought to be one of the major controls on whether magmas erupt [Jellinek and DePaolo, 2003; Caricchi et al., 2014] , in conjunction with regional stresses and volume changes from crystallization and exsolution [Tait et al., 1989] . Figure 2 indicates that for smaller magma chambers located in cold, rigid crust, the rate of recharge will determine maximum chamber overpressure.
Melt production on Earth has been estimated at approximately 26-34 km 3 /yr globally [Crisp, 1984] . At present, the majority of melting occurs at mid-ocean ridges (~18 km 3 /yr [Bird, 2003] ) and arcs (2.9-8.6 km 3 /yr [Crisp, 1984] ; Jicha and Jagoutz [2015] suggest that this range may underestimate magma production at intraoceanic arcs). Intraplate settings, including intermittent large igneous province eruptions [e.g., Coffin and Eldholm, 1994] , contribute the remainder of magma production [Crisp, 1984] .
In contrast to Earth, Mars lacks both spreading centers and arc volcanoes. Because of Mars' smaller size and absence of plate tectonics, its rates of melt production are likely to be lower than on Earth. From rates of surface volcanism [Hartmann and Neukum, 2001] , Kiefer [2003] estimated global melt production during Mars' recent past of 1.5 × 10 À4 -2 × 10 À3 km 3 /yr. This estimate assumes Earth-like I/E ratios [Greeley and Schneid, 1991; Kiefer, 2003] . A higher mean I/E ratio would imply higher rates of melt production in the Martian mantle, as discussed in section 6.2. At Syrtis Major, the volume of surface volcanism of 1.6-3.2 × 10 5 km 3 [Hiesinger and Head, 2004] combined with the volume of intrusions of 4-19 × 10 6 km 3 [Lillis et al., 2015] gives cumulative melt production of 4.2-19.3 × 10 6 km 3 and time-averaged melt production over 2.2-3.6 Gyr [Robbins et al., 2011] of 1-9 × 10-3 km 3 /yr.
It is challenging to infer recharge rates from time-averaged rates of melt supply from the mantle, for two reasons: (1) melt supply from the mantle may be distributed among multiple magmatic systems and is therefore an upper bound on time-averaged recharge rates and (2) recharge to magma chambers is likely unsteady and may have deviated significantly from time-averaged melt production and recharge. Wilson et al. [2001] suggest that thermal viability of magma reservoirs beneath the large Tharsis volcanoes required episodes with >0.03-0.3 km 3 /yr recharge, much higher than time-averaged rates. During each magmatic episode, initially elevated rates of magma injection led to reservoir nucleation [Wilson et al., 2001] and perhaps eruptions. Later in a magmatic episode, as the crust warmed, the reservoir grew, and recharge declined, we expect the system to transition toward a viscous regime in which recharge was less important for eruptibility (Figure 2b) . Periods of weak recharge between magmatic episodes could have encouraged many magma bodies to freeze in the crust rather than erupting.
Regional Stresses and the Thickness and Density Structure of the Lithosphere
In this section, we discuss constraints on Martian crustal density structure, thickness, stresses, and strain rates, and we consider the implications for I/E ratios at Tharsis and Syrtis Major.
The density structure of the lithosphere controls the depth of neutral buoyancy [Wilson and Head, 1994] . Wilson and Head [1994] suggest that impact brecciation of the uppermost crust (Figure 1 ) leads to an increase In all other cases, melt supply estimates reflect long-term averages, and the supply from the mantle may be divided among multiple magmatic systems and is therefore an upper limit on time-averaged recharge rates. (a) Recharge and wall rock temperature control the transition between elastic and viscous regimes in a 1000 km in porosity and a decrease in density, potentially causing basaltic magmas to stagnate at depths of~11 km. Under higher lithostatic pressure, the density of a coexisting volatile phase is also higher, and exsolving volatiles contribute less buoyancy. Therefore, once a magma stalls at middle to lower crustal depths, buoyancy from volatile exsolution is unlikely to cause eventual eruption unless initial volatile concentrations were high (see discussion in the following section). We illustrate this conclusion in Figure 3 , in which we use the model described in Appendix A to calculate buoyancy overpressure within a slowly freezing magma body.
The thickness of the lithosphere can influence the pressure and extent of partial melting and thus the composition and density of magmas [Ridley and Richards, 2010; Baratoux et al., 2011 Baratoux et al., , 2013 . Greater crustal thickness should also allow more energy loss during ascent, thereby increasing the likelihood a magma will freeze rather than erupting [Shaw, 1980; Huppert and Sparks, 1985; White et al., 2006] . The crust in the Tharsis region reaches thicknesses of~100 km, which exceeds crustal thicknesses anywhere else on Mars [Neumann et al., 2004] . However, the thickness of the crust beneath Tharsis may in part be a consequence rather than a cause of intense intrusive activity [Phillips et al., 1990; Lillis et al., 2015] . A large positive gravity anomaly beneath Syrtis Major has been interpreted as either an upwarped Moho or as the signature of an immense volume of dense, frozen magma [Neumann et al., 2004; Kiefer, 2004; Lillis et al., 2015] . Crustal thickness immediately adjacent to Syrtis Major is approximately 55 km [Neumann et al., 2004] , greater than the typical 30-40 km thickness of continental crust on Earth but less than thẽ 75 km thickness of the crust beneath Tibet, which is presently the thickest crust on Earth [Rudnick, 1995; Rudnick and Fountain, 1995] .
Earth has plate tectonics, whereas Mars does not, at least not at present [Nimmo and Stevenson, 2000] . Topographic loading on Mars can produce stresses that are similar in magnitude to tectonic stresses on Earth [Arkani-Hamed and Riendler, 2002; Zoback, 1992] . The Syrtis Major and Tharsis regions have apparently experienced both extension and compression, perhaps due in part to mantle dynamics or the development of the magmatic plumbing system and edifice [e.g., Willemann and Turcotte, 1982; Sleep and Phillips, 1985; Phillips et al., 1990; Watters, 1993; Tanaka et al., 1991; Mège and Masson, 1996b; Hiesinger and Head, 2004] . The orientation of caldera features relative to flank structures suggests that regional stress fields may have influenced volcanic eruptions [Crumpler et al., 1996] . Some rift structures may also have developed above ascending dikes [Scott et Manning and Ingebritsen [1999] for lower Martian gravity by assuming that depth can be converted to pressure. Simulations assume a 5 km thick magma chamber (chamber depth is given for the top of the chamber) with negligible recharge. Higher gravity on Earth accelerates porosity loss, trapping exsolved volatiles in the chamber. However, at shallow depths this effect is strongly offset by lower volatile density. Lowercase "a" and "b" denote the simulations shown in Figures 4a and 4b , respectively.
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In contrast to the similar regional stress magnitudes on Earth and Mars, typical strain rates may be very different. Plate tectonics on Earth leads to high strain rates at plate boundaries of 10 À15 -10 À14 s À1 [e.g., Jackson and McKenzie, 1988; Tikoff and Teyssier, 1994] . While crustal strain rates on Mars are poorly constrained, in the absence of plate tectonics they are thought to be generally much lower [McGovern et al., 2002; Grott and Breuer, 2008] .
The overall consequences of diminished strain rates for the I/E ratio are not obvious. In regions of extension such as rifts and spreading centers, high tectonic strain rates can create space for ascending dikes [e.g., Daniels and Menand, 2015] , which might increase the I/E ratio if most magma is emplaced in the crust. The estimated I/E ratios at the East Pacific Rise and the Mid-Atlantic Ridge are both higher than at Hawaii [White et al., 2006] , indicating that in extensional settings high strain rates could act to increase the I/E ratio. In regions of compression, increased crustal thickness should favor a higher I/E ratio for the reasons discussed above, but compression might also help to pressurize the magmatic system, encouraging eruption to the surface [Rubin, 1995] . On the other hand, in highly compressive settings less space may be available for magmas to ascend from the mantle into the crust. However, experiments show that ascending dikes can rotate to form sills that thicken the crust when compression is very strong or when buoyancy is weak [Menand et al., 2010] . These competing effects of tectonic setting and strain rates may explain the contradictory and inconclusive relationship between these factors and the I/E ratio in existing global compilations for Earth [Crisp, 1984; White et al., 2006] .
In summary, lithospheric density, thickness, and regional stresses and strain rates have clearly affected the expression of magmatism at Tharsis, Syrtis Major, and elsewhere on Mars. However, variations in regional stresses and strain rates can exert conflicting influences on eruptibility, suggesting that the clear differences in tectonic histories on Earth and Mars might not carry straightforward manifestations in magmatic I/E ratios.
Volatiles in a Warm Crust
For large magma bodies with slow recharge in warm crust, the magmatic system will be in the viscous regime, and eruptibility will be controlled by buoyancy. Unlike volume change overpressures and regional stresses, deviatoric stresses due to buoyancy overpressure do not relax viscoelastically [Karlstrom et al., 2010; Degruyter and Huber, 2014; Caricchi et al., 2014] ; buoyancy overpressure is only alleviated through volatile escape or roof failure [de Silva and Gregg, 2014] .
The density of mafic melts changes slowly up to large degrees of fractionation (when crystallization of oxides leads to rapidly declining melt density) [Cox, 1980] . In our MELTS simulations, 50% crystallization of the initial melt leads to a density increase of~3-5% (depending on crystallization pressure). Therefore, for mafic magmas volatiles exert a dominant control on buoyancy. Mafic magmas will only erupt due to buoyancy overpressure when sufficient quantities of volatiles exsolve and when exsolution outpaces permeable escape of volatiles. Volatile exsolution reduces the overall density of a bubbly magma and therefore increases the likelihood of eruption [Tait et al., 1989; Karlstrom and Richards, 2011] . During decompression, water exsolution can lead to an increase in liquidus temperatures and consequently to crystallization and pluton formation [Couch et al., 2003] . However, in a stalled and slowly crystallizing magma body (such as we envision in our model), volatile exsolution results from crystallization rather than decompression. On balance, magmas that contain limited volatile budgets should therefore contribute to a higher I/E ratio. Although Martian magmas may be very sulfur rich, we expect water and CO 2 to be most relevant to eruptibility.
We consider the development of buoyancy overpressure with a one-dimensional model that tracks magmatic volatiles (described in detail in Appendix A). Here we assume that magmas are initially saturated in water and CO 2 . If highly reducing conditions prevail in the Martian mantle and melt CO 2 concentrations in equilibrium with the mantle are very low [Hirschmann and Withers, 2008] , ascending magmas may be volatile undersaturated, which would further suppress buoyant eruptibility. Volatile exsolution can also lead to deviatoric stresses due to changes in chamber volume [Tait et al., 1989] , but in the viscous regime these stresses will relax just as stresses from replenishment do, and therefore, we neglect this effect in our model.
We conduct a series of one-dimensional simulations of magmatic systems that account for volatile escape and the rise and coalescence of bubbles, and we find that bubbles rise efficiently to the top of the magmatic system, and the initial volatile escape quickly alleviates buoyancy overpressure (Figure 4 ). Volatile egress from magma chambers depends on the permeability of the surrounding rocks, which in turn reflects the interplay
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of temperature-dependent ductile creep and fracturing due to elevated pore pressures [Weis et al., 2012] . In our model we account for viscous compaction, but we only allow fracture-induced increases in permeability during eruptions, when overpressure leads to failure of the country rocks surrounding the magma. Consequently, after the simulated magma bodies heat the wall rocks, viscous compaction progressively diminishes wall rock permeability, trapping the majority of volatiles within the magma body and allowing overpressure to build toward the eruption threshold.
The characteristic time scale for viscous compaction (as formulated in equation (A11)) is τ c ¼ μ crust ρgh , where ρgh is the lithostatic pressure. The viscosity of the crust μ crust will depend on temperature at a given distance L from an intrusion (equation (A12)). The thermal diffusion time scale is τ t ¼ L 2 κ , where κ is the thermal diffusivity. If we assume that the crust must be warm for several hundred meters around the magma body to seal in volatiles, for κ = 5 × 10 À7 m 2 /s, the thermal diffusion time scale is~10 4 years. Figure 4 confirms that in our simulations viscous compaction and porosity loss occur on time scales of~10 4 -10 5 years. The initial permeability profile we assume is rescaled from Earth [Manning and Ingebritsen, 1999] and may in reality differ significantly for Mars [Clifford, 1993; Clifford and Parker, 2001] . However, magmatic systems that last more than 10 5 years will effectively overprint the crustal porosity and permeability in their vicinity. If hydrofracturing is pervasive, as models [Weis et al., 2012] and field studies [Gruen et al., 2010] suggest it is around hydrous magma bodies on Earth, it would further enhance magmatic overprinting of crustal porosity and permeability. On the other hand, if Martian magmas are relatively volatile poor, we expect hydrofracturing to be less significant.
In Figure 5 , we consider the end-member case in which all bubbles rise to the top of the magma body and no volatiles escape from the magma, and we determine the minimum volatile contents required to trigger an eruption through buoyancy alone (equation (A16)). Extensive hydrofracturing would expedite volatile egress from the magma reservoir, implying that this end-member scenario may underestimate the volatile contents required for eruption. Nevertheless, with these assumptions, and for uniform distributions of the depth and size of the magma body, it is possible to calculate the expected I/E ratio as a function of the magmatic volatile budget ( Figure 5 ). . Gas escape efficiency (red curves; the fraction of total cumulative exsolved fluid that has exited the magma chamber), overpressure (black curves, normalized to 10 MPa), and crystal fraction (green curves) for (a) a chamber that erupts and (b) a chamber that freezes (these particular simulations are marked "a" and "b," respectively, in Figure 3 ). Blue lines (right axes) show the permeability evolution in the overlying country rock. We impose a minimum permeability of 10 À20 m 2 , based on the lowest permeability observed in metamorphic rocks on Earth [Manning and Ingebritsen, 1999] .
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For magmas in the viscous regime, we expect that low mean volatile contents, deep-seated magmatic systems, thin isolated magma bodies, or some combination of these factors could reproduce the observed range of I/E ratios at Tharsis and Syrtis Major ( Figure 5 ).
Discussion and Implications
Causes of Suppressed Eruptibility at Tharsis and Syrtis Major
Building on the work of Wilson et al. [2001] , we envision a cyclical history of Tharsis and Syrtis Major magmatism characterized by episodes of elevated recharge separated by long periods of quiescence. Throughout each phase of this magmatic history, our analysis suggests that several factors may have influenced eruptibility. During the early stages of a magmatic episode when recharge was high and the crust was elastic, we expect the likelihood of eruption to be greatest.
After this initial period of each magmatic episode, minimum recharge rates are lower [Wilson et al., 2001] . However, the presence of large quantities of newly arrived magma should have warmed the crust, offering a possible explanation for the observed demagnetization [Lillis et al., 2008a [Lillis et al., , 2015 . If pyrrhotite is the dominant magnetic mineral, only modest heating was required to demagnetize the crust at Tharsis and Syrtis Major. However, if magnetite or hematite carried the remanent magnetization, the requisite heating (to greater than 580°C or 670°C, respectively [Dunlop and Özdemir, 2001] ) may have been sufficient to shift the crust into a viscous regime (Figure 2 ), in which thermally activated creep relieved stresses and overpressures due to replenishment and regional tectonics. Waning recharge and growing magma reservoirs (supported by the estimated volumes of Tharsis and Syrtis Major calderas [Crumpler et al., 1996] and flood lavas [Carr et al., 1977; Wilson et al., 2001] ) would further favor a viscous regime (Figure 2b ).
Even during this waning phase of each magmatic episode, sufficient buoyancy from volatile exsolution could still cause eruptions [Malfait et al., 2014; Caricchi et al., 2014; Degruyter and Huber, 2014] . The elevated I/E ratios at Tharsis and Syrtis Major thus imply that most of these magmas were too volatile poor to erupt through buoyancy overpressure alone. Our model demonstrates that initial water and CO 2 contents typically (A16): (a) for a given volatile content and chamber depth, assuming a uniform distribution of chamber thicknesses (between 0.1 and 10 km), and (b) for a given volatile content and chamber thickness, assuming a uniform distribution of chamber depths (between 0.05 and 0.30 GPa, which on Mars correspond to depths of approximately 5 and 27 km, respectively). Colored circles correspond to the intrusive/extrusive ratio calculated from the full set of simulations shown in Figure 3 (which account for gas escape, bubble rise, and eruption prior to the critical crystal fraction) with a uniform depth distribution, a 5 km thick chamber, and variable volatile contents. (c) Intrusive/extrusive ratios on Mars from published estimates (see Table 1 for details and references). (d) Intrusive/extrusive ratios on Earth, from White et al. [2006] . In Figures 5c and 5d , the I/E ratios are spread along the horizontal axis to increase legibility.
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<1.5 wt % can reproduce the observed range of I/E ratios during periods when the crust was warm or recharge was weak.
I/E Ratios and Tharsis Melt Production
From published estimates of the volume of volcanic rocks at Tharsis, we can use the I/E ratio to predict total melt production from a hypothesized mantle plume [e.g., Li and Kiefer, 2007] . As in section 3.2, we consider an extrusive volume equivalent to the estimated Late Noachian-Hesperian lava volume of~3.5 × 10 7 km 3 . For this volume, an Earth-based I/E ratio of 5-12 [Greeley and Schneid, 1991] implies cumulative Tharsis melt production of 0.2-0.4 × 10 9 km 3 and a time-averaged melt production over the past 4 Gyr of 0.05-0.1 km 3 /yr. If Tharsis was largely emplaced during the first billion years of Martian history [Phillips et al., 2001] , melt production during that time was 0.2-0.4 km 3 /yr, significantly higher than predicted from mantle convection modeling [Jellinek et al., 2008] .
Applying Tharsis I/E ratios of 9-29 as discussed in section 3.2 increases expected melt production to 0.3-1.0 × 10 9 km 3 . Averaged over 4 Gyr, this equates to 0.08-0.25 km 3 /yr; averaged over 1 Gyr, it equates to 0.3-1.0 km 3 /yr. If correct, the upper estimates suggest that Late Noachian-Hesperian melt production at Tharsis could have approached recent intraplate melt production on Earth [Crisp, 1984] . The lower estimates are comparable to estimated melt production of~0.15 km 3 /yr at Hawaii [e.g., Jellinek and DePaolo, 2003] , the most prolific hot spot on Earth. These revised estimates of Tharsis melt production may serve as useful constraints for models of Martian thermal evolution [e.g., O'Neill et al., 2007; Li and Kiefer, 2007; Jellinek et al., 2008; Šrámek and Zhong, 2012; Sekhar and King, 2014] and also carry implications for volatile outgassing.
Implications of Magmatic Volatile Contents for Degassing From Tharsis and Syrtis Major
Massive CO 2 degassing from Tharsis has been invoked to explain the relatively warm climate necessary for Martian surface hydrologic activity [Phillips et al., 2001] . Alternatively, greenhouse effects from volcanogenic SO 2 may also be capable of supporting brief intervals with surface temperatures above 273 K [Halevy and Head, 2014] . Three quantities determine the magnitude of volatile outgassing during magmatism: the total mass of melt, the concentration of volatiles in the melt, and the fraction of those volatiles that are released to the atmosphere.
From our simulations of magmatic eruptibility when the crust is warm, we infer that Tharsis and Syrtis Major magmas carried limited quantities of water and CO 2 . This conclusion agrees with constraints on volatile concentrations in Martian magmas from SNC meteorites and thermodynamic calculations. Measurements of water concentrations in shergottite melt inclusions [Usui et al., 2012] are consistent with a relatively water poor Martian mantle [Dreibus and Wanke, 1985; Mysen et al., 1998 ], although water concentrations in apatite indicate that at least some source regions may contain up to several hundreds of parts per million of water [McCubbin et al., 2010] . Carbon partitioning during melting depends strongly on oxygen fugacity. Trace element oxybarometers suggest that the Martian mantle is much more reducing than Earth's mantle [Wadhwa, 2001; Righter et al., 2008] . Consequently, graphite and diamond are expected to be the stable carbon-bearing phases [Hirschmann and Withers, 2008] , and low-degree melts will be relatively carbon poor [Hirschmann and Withers, 2008; Stanley et al., 2011] . At 1350°C, with oxygen fugacity at or slightly above the Fe-FeO buffer, basalts can dissolve 51-665 ppm C at 1.2 GPa [Stanley et al., 2011; Wetzel et al., 2013] .
In contrast to water and CO 2 , Martian magmas are likely sulfur rich [e.g., Johnson et al., 2008; Righter et al., 2009] , which may not contribute significantly to eruptibility but is important for outgassing [Gaillard and Scaillet, 2009] . Outgassing is often estimated based on extrusive volume [e.g., O'Neill et al., 2007] , but silicic eruptions on Earth commonly release excess gas derived from intrusive residues [Keppler, 1999; Shinohara, 2008] . If substantial intrusive bodies contributed excess sulfur during the eruption of felsic rocks at Syrtis Major [Christensen et al., 2005; Wray et al., 2013] they may have expelled larger than expected quantities of sulfur.
Conclusions
Intrusive magmatism has been hypothesized to explain demagnetization of large regions of crust in the Tharsis and Syrtis Major regions Lillis et al., 2015] . Comparison with volumes of extrusive rocks suggests that the majority of Tharsis and Syrtis Major magmas froze in the subsurface, and indeed that Journal of Geophysical Research: Planets 10.1002/2016JE004998 the I/E ratio at Tharsis and Syrtis Major may be higher than at most volcanic centers on Earth [White et al., 2006] , with implications for estimation of cumulative melt production and volatile outgassing.
To assess why intrusive magmatism is so prevalent at Tharsis and Syrtis Major, we consider the role of recharge, lithospheric properties, regional stresses and strain rates, and volatile budget. We conclude that the thick crust, spasmodic magma replenishment, crustal heating, and limited quantities of magmatic water and CO 2 [Dreibus and Wanke, 1985; Mysen et al., 1998; Hirschmann and Withers, 2008; Stanley et al., 2011; Usui et al., 2012] are among the most important factors in the suppressed eruptibility of Tharsis and Syrtis Major magmas. A limited water and CO 2 budget in most Martian magmas implies that SO 2 or other greenhouse gases are required to link volcanism to clement surface temperatures on early Mars [Hirschmann and Withers, 2008; Halevy and Head, 2014] .
Appendix A: Eruptibility in the Viscous Regime
A1. Model Overview
If viscous relaxation efficiently relieves deviatoric stresses around a magma body, buoyancy will control eruptibility. To evaluate the conditions under which buoyancy will or will not cause Martian magmatic systems to erupt, we employ a one-dimensional model that combines thermal evolution (as detailed in section A2), bubble coalescence and rise (as detailed in section A4), and viscous compaction and permeable gas escape (as detailed in section A6). We solve the one-dimensional heat equation with latent heat numerically. To relate changes in magmatic enthalpy due to heat transfer to changes in temperature, crystallinity, density, and liquid viscosity we use a thermodynamic look-up table computed with MELTS [Ghiorso and Sack, 1995; Gualda et al., 2012] . Crystallinity strongly influences magma viscosity [Marsh, 1981] . We use the Einstein-Roscoe relationship [Marsh, 1981] to calculate magma viscosity from melt viscosity and crystallinity (see section A4).
We assume an initial major element melt composition (see Table 2 ) based on the parental melt for the basaltic shergottite meteorite EETA79001 [Longhi and Pan, 1989] and consider a range of initial volatile concentrations. We focus on buoyancy from exsolution of magmatic water and CO 2 , because sulfur species do not consistently exsolve until shallow depths [Dixon et al., 1991] . The solubility of both water and CO 2 increase with increasing pressure; higher dissolved CO 2 reduces water solubility and vice versa [Dixon and Stolper, 1995] .
Exsolved fluids initially escape through the surrounding country rock, but as the wall rock warms, viscous compaction accelerates and permeability declines, trapping volatiles in the magma body. When the resulting buoyancy overpressures surpass 10 MPa [Rubin, 1995] , we assume that there is an eruption. We further assume that once an eruption begins, a siphoning effect [Karlstrom and Manga, 2009; Karlstrom et al., 2012] draws out the melt from the magmatic system, leaving behind the crystal fraction. If crystallinity in the chamber reaches 50% we consider the magma locked and uneruptible [Marsh, 1981] . This assumption contrasts with counterexamples on Earth where crystal-rich magmas do in fact erupt [e.g., Huber et al., 2012] .
In our model, we do not explicitly consider fracturing and dike propagation [Rubin, 1995] nor do we consider elastic stresses. Eruptibility in an elastic regime is discussed in section 4.
A2. Thermal Evolution Model
In our one-dimensional model, we consider only conductive heat transfer in the vertical direction. The 1-D heat equation with latent heat is [e.g., Huber et al., 2009] 
Here T is the temperature, κ is the constant thermal diffusivity, and f xtal is the crystal fraction. In the country rock, we calculate the temperature directly from the heat capacity and density of the rock (c p,crust and ρ crust , respectively). In the magma body, to account for the latent heat of crystallization we use a look-up table generated with MELTS [Ghiorso and Sack, 1995; Gualda et al., 2012 ] to interpolate to the temperature at a given enthalpy.
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This look-up table approach allows us to incorporate the rigor of MELTS without simplifying thermodynamic relationships. However, it implicitly assumes batch crystallization with a fixed bulk magma composition (see Table 2 ). The thermodynamic calculations also assume a fixed initial volatile composition, irrespective of the range in volatile contents we consider for the eruptibility calculations described below.
A3. Volatile Exsolution
The solubility of water (as a function of CO 2 contents) and CO 2 (as a function of water contents) can be computed for a given pressure with VolatileCalc [Newman and Lowenstern, 2002] . However, the relative proportions and overall concentrations of water and CO 2 in Martian magmas are poorly constrained. For a given magma depth and pressure, we therefore assume that magmas are initially saturated in water and CO 2 , and we consider a range of total water and CO 2 contents (corresponding to a range in water/CO 2 ratios) that satisfy this pressure-dependent saturation condition. As crystallization proceeds, water and CO 2 exsolve, thereby lowering the overall magma density. We do not account for any thermodynamic feedback due to volatile exsolution and escape nor do we consider hydrous fractionation.
If water and CO 2 are initially undersaturated in some Martian magmas, exsolution will be delayed until fractionation and/or decompression cause the magma to reach saturation. Thus, volatile undersaturated magmas, like volatile-poor magmas, would suppress the eruptibility (and increase the I/E ratio) of Martian magmatic systems.
A4. Bubble Coalescence and Rise Model
Bubble coalescence matters because the volatile phase is compressible, and therefore, its density is lower if it reaches the top of the magma body. Efficient segregation of volatiles toward the top of the magma body will increase buoyancy. Bubble rise speeds, U s , due to buoyancy depend on bubble radius, a:
where λ is the viscosity of the bubble divided by the viscosity of the surrounding magma, μ magma . For exsolved volatiles within a magma, λ approaches zero, and equation (2) reduces to
where Δρ is the density contrast between a bubble and the melt. The viscosity of the magma depends on its crystallinity, f xtal , and can be calculated from the melt viscosity μ melt with the Einstein-Roscoe relationship [Marsh, 1981] :
We retrieve μ melt and f xtal from our MELTS look-up table. The critical crystal fraction for locking f xtal,max is typically taken to be f xtal,max~0 .5-0.65 [Marsh, 1981; Huber et al., 2011] . Here we assume that f xtal,max = 0.5. The ascent of bubbles in a magma will depend on the abundance and size of both bubbles and crystals [Belien et al., 2010] . For a bubbly melt with few crystals, the melt viscosity and magma viscosity in our formulation converge, and it is this viscosity that resists bubble ascent. For very crystal rich magma, fluids may travel through permeable pathways [Burton et al., 2007] . In regimes between these end-members, bubble behavior may be more complex. For example, in crystal-rich suspensions with small bubbles, crystals are largely immobile, bubbles must deform to move between the crystals, and melt viscosity resists bubble motion [Belien et al., 2010] . Our model applies to systems with bubble migration but not to crystal-rich systems, in which we assume that bubble migration effectively ceases.
The size distribution of the bubbles at each depth in the magma evolves as bubbles coalesce. Following Manga and Stone [1995] , we bin the bubble population into N bins according to bubble radius and model the population dynamics as
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where the change in the number of bubbles in a given size bin N k per unit volume per time is defined by the balance between coalescence of two smaller bubbles to form a bubble of that size (the left-hand term) versus the loss of bubbles from a bin as they grow larger (the right-hand term). The collision frequency function J ij , which describes the number of collisions per unit volume between bubbles in bin i and bin j, depends on the number of bubbles in each bin (N i and N j , respectively), their rise velocities (U s,i and U s,j , respectively), and their capture cross section y 2 c :
Experimental results [Manga and Stone, 1995] suggest that the capture cross section can be represented with the following empirical formula:
where B = Δρg a 2 /σ is the Bond number and v i and v j are the volumes of the smaller and larger coalescing bubbles, respectively. This empirical relationship is consistent with theoretical results for spherical bubbles when B approaches zero [Zhang and Davis, 1991] . We assume that the efficiency of collisions is 100% (i.e., all collisions result in bubble mergers).
The density of an exsolved fluid or gas phase depends on pressure and temperature. As bubbles rise to successively shallower depths in the magma, we recalculate their density (in kg/m 3 ) according to a parameterized Redlich-Kwong equation of state [Degruyter and Huber, 2014; Halbach and Chatterjee, 1982] : where temperature T is in units of kelvin and pressure P is in units of bars. We use this fluid density to calculate the overall magma density.
A5. Buoyancy Overpressure
As volatiles exsolve, their presence decreases the density of the bubble-bearing magma. This diminished density creates a buoyancy overpressure that can only be relieved if the volatile phase escapes [e.g., Blake, 1984; Karlstrom and Richards, 2011; Malfait et al., 2014] .
The density of the magma, ρ magma , is simply the sum of the gas, melt, and crystal masses divided by the sum of the volumes occupied by each phase. We then calculate the buoyancy-related magma overpressure (ΔP b ) as
where h is the thickness of the magma body in meters, g = 3.71 m/s 2 is the Martian gravitational acceleration, and we assume that the magma has ascended to a level of neutral buoyancy and that therefore the density of the country rocks at that depth (ρ surrounding ) is identical to the initial density of the magma (ρ magma ).
A6. Porosity-Permeability Model
Percolation theory provides an idealized relationship between porosity, ϕ, and permeability, k:
where c and μ p are the constants [Sahimi, 1994] . For fractured and granular media, ϕ cr is close to zero and μ p is close to 3 [Mavko et al., 2009] . Because porosity loss in the crust depends on crustal viscosity, crustal heating and thickening during episodes of magmatism may accelerate compaction, thereby influencing permeability [Kiefer, 2013] . Changes in porosity ϕ from viscous flow can be modeled as
where μ crust is the crustal viscosity and P is the lithostatic pressure [Fowler, 1985] .
We adopt the viscosity of Maryland diabase [Turcotte and Schubert, 2014] for the rheology of the Martian crust:
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where C = 520 MPa À3 s À1 , σ D is the deviatoric stress (assumed to be~50 MPa, although Martian deviatoric stresses have been estimated at up to~100 MPa [Arkani-Hamed and Riendler, 2002] ), n = 3 is the stress exponent, E a = 356 kJ/mol is the activation energy, and R gas is the gas constant.
The porosity with increasing depth in the Martian crust is poorly constrained. We assume an initial porositydepth profile that is consistent with the permeability profile expected for continental crust on Earth [Manning and Ingebritsen, 1999] , scaled by the ratio of gravitational acceleration on Mars relative to Earth: log 10 k ð Þ ¼ À 14 À 3:2 log 10 z 1000 g Mars g Earth (A13) and we cease compaction when the permeability drops below 10 À20 m 2 , which is an approximate lower limit for the permeability commonly found in terrestrial metamorphic systems [Manning and Ingebritsen, 1999] .
When averaged over sufficient time and space, rocks (even in metamorphic systems) behave as porous media, and thus, Darcy's law can be used to relate fluid flow q to the pressure head driving the flow [Manning and Ingebritsen, 1999] . In one dimension, Darcy's law reduces to [e.g., Manning and Ingebritsen, 1999; Saar and Manga, 2004; Mavko et al., 2009] 
where P h is the pressure head.
We solve equation (A11) numerically to obtain the crustal porosity, and we use equation (A10) to calculate the corresponding permeability. We then use equation (A14) to obtain the mass flux of magmatic volatiles through the crust (because of the form of equation (A14), a diffusive profile develops from the magma, through the overlying rocks, and up to the surface). If the country rock is porous, the flux of volatiles out of the magmatic system limits the buildup of buoyancy overpressure.
A7. Critical Volatile Contents
As discussed previously, we assume that buoyancy overpressure must exceed 10 MPa to trigger an eruption [Rubin, 1995] :
ρ surrounding -ρ magma g h > 10 7 Pa (A15)
If we neglect permeable fluid escape (see section 5.3) and assume that ρ surrounding = 3000 kg/m 3 and that all bubbles rise to the top of the magma body, it is then possible to directly compute the minimum initial volatile contents required to cause at least one eruption (as a function of chamber depth and thickness). For our assumed composition (Table 2) , the temperature at which the magma reaches a critical crystallinity for locking is ≤850°C. The critical volatile contents to achieve 10 MPa overpressure are then Figures 5a and 5b . Because some volatiles will escape and not all bubbles will rise, this relation gives a lower limit on the critical initial volatile contents for buoyancy-driven eruption. However, a comparison between the curves calculated with equation (A16) and the results of the full simulations (Figure 5b) shows strong agreement overall.
